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Abstract
Here we investigate tropical cyclogenesis in warm climates, focusing on the effect of reduced equator-to-pole temperature
gradient relevant to past equable climates and, potentially, to future climate change. Using a cloud-system resolving model
that explicitly represents moist convection, we conduct idealized experiments on a zonally periodic equatorial β-plane
stretching from nearly pole-to-pole and covering roughly one-fifth of Earth’s circumference. To improve the representation
of tropical cyclogenesis and mean climate at a horizontal resolution that would otherwise be too coarse for a cloud-system
resolving model (15 km), we use the hypohydrostatic rescaling of the equations of motion, also called reduced acceleration
in the vertical. The simulations simultaneously represent the Hadley circulation and the intertropical convergence zone,
baroclinic waves in mid-latitudes, and a realistic distribution of tropical cyclones (TCs), all without use of a convective
parameterization. Using this model, we study the dependence of TCs on the meridional sea surface temperature gradient.
When this gradient is significantly reduced, we find a substantial increase in the number of TCs, including a several-fold
increase in the strongest storms of Saffir–Simpson categories 4 and 5. This increase occurs as the mid-latitudes become a new
active region of TC formation and growth. When the climate warms we also see convergence between the physical properties and genesis locations of tropical and warm-core extra-tropical cyclones. While end-members of these types of storms
remain very distinct, a large distribution of cyclones forming in the subtropics and mid-latitudes share properties of the two.
Keywords Tropical cyclones · Climate change · Atmospheric modeling · Paleoclimate

1 Introduction
Understanding tropical cyclogenesis in a climate warmer
than that of the present represents a challenging problem
both from theoretical and numerical modeling perspectives.
The difficulties are several-fold. First, we need to understand how the atmospheric general circulation changes
with future or past climate change—an issue complicated
by biases common in simulations of global climate models
* Alexey V. Fedorov
Alexey.Fedorov@yale.edu
1

Department of Geology and Geophysics, Yale University,
210 Whitney Ave, New Haven, CT 06511, USA

2

Department of Earth & Planetary Science, University
of California Berkeley, 307 McCone Hall, Berkeley,
CA 94720, USA

3

Department of Physics, Shirshov Institute of Oceanology,
Russian Academy of Sciences, 36 Nakhimovsky Ave,
Moscow 117997, Russian Federation

(GCMs; e.g. Burls et al. 2016). Second, computing power
is currently insufficient to provide the spatial resolutions
needed to successfully simulate moist convective motions
in GCMs, leading to the nearly universal use of convective
parameterizations in global models with just a few exceptions (e.g. Miyamoto et al. 2014), which affects how these
models simulate both the atmospheric mean state and tropical cyclones (e.g. Kim et al. 2012). To provide one way of
circumventing these issues, here we employ a cloud-system
resolving model integrated in a large, idealized domain and
focus on just one aspect of the problem—the dependence of
tropical cyclones (TCs) on the meridional gradient in sea
surface temperature (SST).
Given the vast impacts of TCs, the question of future
changes in the global distribution, strength, and frequency
of these storms is actively debated. Yet, insufficient model
resolution is a big obstacle to addressing this question since
explicit representation of the TC eyewall, with its O(10 km)
size, is at present too computationally expensive for global
GCMs. Consequently, even the latest generation of those
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models typically only simulate TC-like storms (e.g. Walsh
et al. 2007, 2013; Gualdi et al. 2008; Scoccimarro et al.
2011; Camargo et al. 2013; Shaevitz et al. 2014; Huang
et al. 2017). Although the spatial and temporal distribution of these storms generally resembles the distribution of
observed TCs, frequently there are biases in those distributions and the model storms are typically larger in size
and weaker than observed (e.g. Walsh et al. 2015). In fact,
whether a GCM can simulate strong TCs often depends on
the tuning of the convective parameterization or numerical
scheme (Kim et al. 2012).
Regional atmospheric models can be run at higher resolutions, on the order of 20 km, but with no convective
parameterization they still typically fail to reproduce strong
cyclones. For example, in several regional models integrated
at the relatively fine horizontal resolution of 18 km, the most
intense storms corresponded to Saffir–Simpson category 3
(Knutson et al. 2007; Wu et al. 2014). Thus, the question
of how the characteristics of the most intense TCs (i.e. categories 4 and 5) vary with the global climate state cannot
be answered directly by global and most regional numerical
models.
Downscaling methodologies have been used in attempts
to circumvent this problem, using grid-scale fields from
coarse-resolution global models as inputs to statistical or
dynamical simulations of individual TCs (e.g. Emanuel et al.
2008; Fedorov et al. 2010; Bender et al. 2010; Zhao et al.
2010; Villarini and Vecchi 2012; Knutson et al. 2013). Additionally, various indirect metrics for assessing TC activity,
from maximum Potential Intensity (PI, e.g. Emanuel 1988,
1995; Bister and Emanuel 1998) to Genesis Potential Indices
(GPI, Emanuel and Nolan 2004; Tippett et al. 2011), have
been broadly used to examine the effects of both present and
past climate change (e.g. Knutson and Tuleya 2004; Emanuel 2005; Bengtsson et al. 2007; Vecchi and Soden 2007;
Korty et al. 2008).
Overall, many studies using different methodologies suggest that there will be a reduction in the frequency of TCs
and a possible, but not certain increase in peak TC intensity during the twenty-first century in response to contemporary global warming (e.g. Sugi et al. 2002; Yoshimura
and Sugi 2005; Bengtsson et al. 2007; Held and Zhao 2011;
Murakami et al. 2014; Camargo 2013; Tory et al. 2013).
Some studies however indicate an increase in TC frequency
(e.g. Emanuel 2013a, b). The problem is complicated by
the strong sensitivity of TC activity to the horizontal and
vertical structure of the patterns of warming and changes in
vertical wind shear (e.g. Vecchi and Soden 2007; Sugi et al.
2009; Camargo et al. 2014a, b).
A number of studies examined tropical cyclogenesis in
the idealized setting of an aqua-planet. For example, Merlis et al. (2013) studied the effect of climate change on
tropical cyclogenesis on an aqua-planet using a slab-ocean
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atmospheric GCM (with convective parameterization) at
50 km horizontal resolution and with a time-invariant distribution of prescribed ocean heat flux convergence (i.e. a fixed
q-flux). In such a model configuration the Intertropical Convergence Zone (ITCZ) moves northward when the radiative
forcing (solar constant or C
 O2 concentration) is increased,
leading to a monotonic increase in TC activity. The same
model was used by Ballinger et al. (2015) to examine the
sensitivity of TC activity to off-equatorial SST anomalies.
In parallel, a number of studies investigated TC activity
on a spherical aqua-planet with uniform SSTs (e.g. Shi and
Bretherton 2014; Arnold and Randall 2015; Merlis et al.
2016 GRL). In particular, Merlis et al. (2016) find that the
region of peak TC genesis is in the tropics off the equator,
but shifts poleward and (perhaps surprisingly) decreases in
magnitude as the uniform SST increases. The TCs also drift
poleward and accumulate in the polar regions, so that the
peak TC number is actually highest near and poleward of
60° latitude.
Other studies attempted to explore tropical cyclogenesis
in past warm climates. For example, Korty et al. (2008) conducted sensitivity studies using a coarse-resolution GCM
with modern boundary conditions but high C
 O2 forcing,
typical of the Eocene epoch, wherein they parameterized
the effect of TCs on upper-ocean vertical mixing. Although
they did not simulate TCs directly, their results showed a
significant increase and poleward expansion of maximum
potential intensity.
Kiehl et al. (2012) looked at extreme weather phenomena,
including hurricanes, within coupled climate model simulations of the Paleocene-Eocene Thermal Maximum (PETM)
using Community Atmospheric Model (CAM4) simulations
at 0.5° horizontal resolution. The model simulated warm
tropical SSTs approaching 40 °C. They concluded that the
warm, moist tropical environment of the PETM created conditions favorable for tropical cyclogenesis.
Fedorov et al. (2010) used a combination of atmospheric
GCM experiments with a downscaling approach to study
tropical cyclogenesis during the early Pliocene epoch,
when there was a strong reduction of the meridional SST
gradient (Brierley et al. 2009; Fedorov et al. 2015) under
atmospheric CO2 levels within the range 350–450 ppm.
They found a doubling of the total number of TCs and a
significant increase in strong cyclones. A more recent study
of Yan et al. (2016) used a TC-permitting atmospheric GCM
to confirm enhanced TC activity during the Pliocene.
While these studies represent gradual progress in our
understanding of tropical cyclogenesis, large uncertainty
persists. Uncertainty in the proxy observations and boundary conditions of the past, and diversity in the response of
climate model simulations to a given forcing make it difficult
to assess robust patterns of change in the hydrological cycle,
including changes in the ITCZ structure and intensity (e.g.
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Carmichael et al. 2016; Burls and Fedorov 2017). Computational limitations, the relatively coarse resolution of GCMs,
and uncertainties due to parameterizations of sub-grid scale
processes further complicate the projection of TC changes.
As mentioned already, here we confine our approach to
aqua-planet simulations using a cloud-system resolving
model without convective parameterization. To reduce computational costs we use an idealized, zonally periodic, equatorial β-plane that covers just one-fifth of Earth’s circumference in the zonal direction—large enough to represent one
or two typical mid-latitude baroclinic waves.
The model is run at a horizontal resolution of 15 km,
which could be categorized as being in the “gray zone”
between the O(1 km) resolutions needed for cloud-system
resolving models and the O(100 km) resolutions at which
moist convection is parameterized (Sun et al. 2013). Previous studies have shown (Gentry and Lackmann 2010; Fierro
et al. 2009; Boos et al. 2016) that in order to reproduce TCs
realistically, a model without convective parameterization
needs to have a horizontal resolution on the order of 1 km—a
resolution computationally prohibitive for simulations on a
global scale. To address this problem we use the Reduced
Acceleration in the Vertical (RAVE) approach, which scales
the left-hand side of the vertical momentum equation by
a factor γ > 1 (“Appendix 1”). Because RAVE artificially
increases the inertia of air parcels it is also referred to as
the hypohydrostatic rescaling, with γ = 0 corresponding to
hydrostatic balance. In effect, RAVE reduces the scale separation between large-scale and convective-scale motions,
allowing explicit representation of both in the same model
(e.g. Kuang et al. 2005; Pauluis and Garner 2006; Garner
et al. 2007).
Recently, in simulations with doubly periodic domains,
Boos et al. (2016) showed that RAVE makes possible simulations of the most intense TCs (i.e. category 5) in a cloudsystem resolving model without convective parameterization
at O(10 km) resolution. Here, we build on their results and
use RAVE to study tropical cyclogenesis on a global scale.
The structure of this paper is as follows. The next section
presents details of the numerical model and its configuration. The subsequent section shows results from our simulations forced by different meridional SST gradients. We then
describe the simulated changes in tropical cyclogenesis as
well as the relationship between tropical and extra-tropical
cyclones. The paper ends with a discussion of the implications of our study for contemporary and past climate change.

2 Model details
This study uses the System for Atmospheric Modeling
(SAM) v6.3 (Khairoutdinov and Randall 2003), which
integrates the anelastic equations of motion in Cartesian

coordinates. Previous studies have used this model to simulate radiative–convective equilibrium and explore convective
self-aggregation and spontaneous cyclogenesis, for example
(Bretherton et al. 2005; Muller and Held 2012; Boos et al.
2016). A nearly global configuration of this model with
a 4 km resolution was recently used to study realistically
organized tropical convection for latitudinally varying SSTs
within relatively short 30-day integrations (Bretherton and
Khairoutdinov 2015).
The model has prognostic equations for liquid/ice water
moist static energy, total precipitating water, and non-precipitating water. A five-class bulk microphysics scheme diagnoses cloud water and ice, rain, snow, and graupel. Fully
interactive radiation is based on parameterizations from the
National Center for Atmospheric Research (NCAR) Community Climate Model (CCM) version 3.5 (Kiehl et al. 1998)
with radiative fluxes calculated at least once every 5 min (the
radiation code is called every five time steps). Ocean surface albedo depends on solar zenith angle. Although use of
interactive radiation does not alter SST, moisture-dependent
radiation has been shown to be essential for achieving selfaggregation of convection in SAM (Bretherton et al. 2005;
Wing and Emanuel 2014; Emanuel et al. 2014).
We should note that the model representations of damping, radiative transfer and other model characteristics might
potentially affect some of our results, as other studies have
shown that these sensitivities are not always straightforward
(Zhao et al. 2012).
The model horizontal resolution is 15 km and the time
step ranges from 4 to 50 s, depending on numerical stability,
with SAM automatically halving the time step when high
Courant numbers are achieved. The integrations have 64 vertical levels, with vertical grid spacing ranging from 80 m
near the surface to 400 m in the bulk of the troposphere and
1.2 km near the rigid lid at 27 km. To reduce gravity wave
reflection and resonance, Newtonian damping is applied to
winds, temperature, and water vapor in the top 30% of the
domain (in height) with a time scale that decays linearly
from 2 min at the top to 2 h at the bottom of this sponge
layer. A Smagorinsky-type closure is used to represent subgrid-scale turbulence, with the parameterized stresses scaled
by the RAVE factor γ to account for the fact that RAVE
alters the aspect ratio of the resolved eddies (see discussion
in appendix of Pauluis and Garner 2006).
This model was recently used to study the effect of RAVE
rescaling and model horizontal resolution on convective selfaggregation and tropical cyclogenesis in relatively small,
doubly periodic square domains (Boos et al. 2016). These
authors argued that the rescaling improves simulations of
TCs by moistening the troposphere, which eliminates a
dry bias that otherwise develops in cloud-system resolving simulations with a relatively coarse model resolution
(e.g. at grid spacings of 5–20 km). Here we use SAM with
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Fig. 1  Meridional distribution of a the prescribed sea surface temperature (°C), and the simulated zonal means of b precipitation (mm/
day) and c precipitable water (mm) for the three simulations with Tmin
= 0 °C (black), Tmin = 6 °C (blue), and Tmin = 15 °C (red). Hereafter, these simulations are referred to as TM0, TM6, and TM15. TM0
describes a climate state corresponding to a modern perpetual July.
Each simulation lasts 20 boreal summers. Note that the ITCZ in these
simulations moves closer to the equator for warmer climates, which is
consistent with a greater humidity increase on the southern flank of
the ITCZ

the RAVE rescaling in a large aqua-planet domain. For the
results described in the main body of this study, we use the
RAVE factor γ = 15, which for a horizontal grid spacing of
15 km could be argued to rescale the equations of motion to
yield an “equivalent” horizontal grid spacing of 1 km (e.g.
Pauluis and Garner 2006). Furthermore, γ = 15 produces a
mean climate state most closely mimicking the observed
tropical state during boreal summer, with one ITCZ that is
located north of the equator. In the “Appendix 1” we show
how some of these results change when we go from γ = 1 (no
rescaling) to γ = 5 and 15. In addition, we investigated the
sensitivity of the model to using a higher horizontal resolution of 10 km within a small number of shorter simulations
but did not find any significant differences.
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The model domain is a zonally periodic β-plane with rigid
walls at the northern and southern boundaries at roughly
70°N and 70°S (Figs. 1, 2). Its zonal width is 8000 km. Each
simulation lasts 1800 days (60 months). There is no seasonal
cycle in the model—the simulations are set to describe a
perpetual July (or more accurately, an average of June, July,
August). Thus, each simulation reproduces an equivalent of
about 20 boreal summers. Since we use zonally-uniform,
fixed SSTs (see next), interannual and decadal variations
in the number and strength of simulated TCs are relatively
minor. Consequently, the length of integration (20 seasons)
is sufficiently long to produce robust statistics.
For oceanic lower boundary conditions we apply winddependent surface sensible and latent heat fluxes computed
using a bulk surface flux formula with a fixed minimum
surface wind speed of 1 m/s. Different idealized profiles of
SST as a function of latitude are prescribed, following an
approach originally proposed by Neale and Hoskins (2000):

and SST = Tmin for ||𝜑 − 𝜑max || ⩾ 60o.
where 𝜑 is latitude, 𝜑max = 9o and Tmax = 29 °C.
This expression describes profiles close to Gaussian with
the maximum temperature Tmax shifted off the equator by
𝜑max to the north and tapered to a constant temperature Tmin
in high latitudes (Fig. 1a). Since we focus on the effect of
reductions in the meridional SST gradient, we do not change
the maximum SST in low latitudes, which stays at 29 °C. For
Tmin = 0 °C this expression yields a profile that approximates
modern zonal-mean conditions averaged for June, July, and
August (later on it is referred to as “perpetual July”).

3 Results: simulation of different mean
climates
We conduct three idealized simulations that differ in the
strength of the meridional SST gradient—a modern climate
with high-latitude temperature T
 min = 0 °C, a warmer climate with Tmin = 6 °C, and a very warm climate with T
 min
= 15 °C ( Tmin gives the coldest SST of the simulation). We
refer to these simulations as TM0, TM6 and TM15, respectively (Fig. 1). The meridional SST gradient in TM0 was
constructed to roughly match that of the observed zonal
mean SST in the modern climate (Neale and Hoskins 2000);
since the maximum SST is displaced into the northern hemisphere, we consider TM0 an idealized analogue of the modern boreal summer (perpetual July) SST distribution in the
Pacific.
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Fig. 2  Snapshots of precipitable water (in mm) simulated by the
model on day 208 in simulations a TM0, b TM6, and c TM15. Black
crosses mark several tropical and extra-tropical warm-core cyclones.

The ITCZ stays north of the equator. Also note typical baroclinic
waves in mid-latitudes. The full model domain extends from 70°S to
70°N

For the TM0 SST distribution, the model simulates the
mean position of the ITCZ at about 5°N, close to the SST
maximum (Fig. 1b). The northern hemisphere also contains
more precipitable water overall (Fig. 1c). The ITCZ constantly meanders around its mean position, which leads at
times to localized convective aggregation and cyclogenesis
(Fig. 2). There are also strong baroclinic waves in midlatitudes, associated with pronounced synoptic storms that
contribute to the secondary maximum in zonal mean precipitation near 45°N (Fig. 1b).
As expected, the Hadley circulation is dominated by the
cross-equatorial winter cell extending from the ITCZ to
the subtropical southern hemisphere (Fig. 3a), presumably
driven by the stronger meridional SST gradient extending
across the equator into the southern hemisphere. Similarly,
the upper tropospheric mid-latitude westerly jet (Fig. 4a) is
also stronger in the southern hemisphere, consistent with
thermal wind balance and typical boreal winter conditions.
When we increase high-latitude temperature and reduce
the meridional SST gradient, several important changes
occur. In particular, the Hadley circulation and the zonal

jets weaken in response to the weaker temperature gradient
(Figs. 3, 4). In addition, the upper tropospheric jet in northern mid-latitudes splits into two weaker jets—subtropical
and polar. Such separation is, at best, barely visible in the
zonally averaged representation of zonal flow in the simulation forced by the strongest SST gradient (TM0; Fig. 4a).
In the tropics, the ITCZ weakens in response to the reduction in meridional SST gradient, perhaps responding to the
broadening of the SST maximum. The ITCZ also shifts a
few degrees of latitude southward, still staying north of the
equator (Figs. 1, 2). This shift is accompanied by a greater
increase in precipitable water on the southern flank of the
ITCZ than on the northern flank; precipitable water actually decreases just north of the ITCZ (Fig. 1c). In the next
sections we will describe how these and other changes are
associated with changes in tropical cyclogenesis.

13

A. V. Fedorov et al.

Pressure (hPa)

(a) TM0

10

200

5

400
0

600

−5

800
1000

−60

−40

−20

0

20

40

60

(b) TM6
Pressure (hPa)

Fig. 3  Zonally-averaged stream
function for TM0 (black solid
and dashed contours indicating
positive and negative values
with 5 × 1010 kg s −1 contour
interval) and corresponding
anomalies (colors, units of 1 010
kg s−1) in a TM0, b TM6, and
c TM15. The stream function
anomalies imply the southward
shift of the Hadley circulation
and a weakening of the winter
Hadley cell in the warmer
climates

10

200

5

400
0

600

−5

800
1000

−60

−40

−20

0

20

40

60

Pressure (hPa)

(c) TM15

−10

10

200

5

400
0

600

−5

800
1000

−60

−40

4 Results: tropical and extra‑tropical
cyclogenesis
All of our simulations produce a full range of tropical
cyclone intensities in the northern hemisphere, up to Saffir–Simpson categories 4 and 5 (Figs. 5, 6; the method used
to identify and track cyclones is described in “Appendix 2”).
Well-defined TC eyes and eyewalls are simulated in many of
these storms (e.g. Fig. 5b). On some occasions TCs are shed
from the ITCZ and then travel northward, on other occasions they are generated well north of the ITCZ. At the same
time, a significant number of warm-core storms develop in
mid-latitudes, some of which could even be classified as Saffir–Simpson category 1 in terms of their surface wind speed
(we will refer to these as warm-core extra-tropical cyclones,
ETCs). The ETCs develop in mid-latitudes, in our simulations north of 40°N (Figs. 7, 15 of “Appendix 2”). Their
origin is related to baroclinic waves, as seen in an example
marked in Fig. 2b (upper left corner), when warm moist air
is drawn into the center of a synoptic storm. Such storms
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are sometimes referred to as warm seclusion extra-tropical
cyclones (e.g. Maue and Hart 2005).
The tropical and extra-tropical storms fall into two different, very distinct distributions, both in terms of their typical genesis locations and physical properties. The simulated
TC distribution for the strongest SST gradient shows the
classical tight relationship between minimum central pressure and maximum surface wind speed, with a near linear or
weakly quadratic form that closely resembles observations
(e.g. Knutson et al. 2007). In contrast, the warm-core ETCs
exhibit not as tight a relationship with a different slope and
generally weaker wind speed for the same minimum central
pressure, which reflects the broader spatial structure of the
extra-tropical storms (Fig. 8a, b).
Spatially, the asymmetric frontal structure of the extratropical storms contrasts with the more confined, axisymmetric structure of the TCs. Similarly, in the vertical plane,
TCs exhibit a deep coherent structure extending up to the
tropopause, which contrasts with the typical shallow depth
of ETCs (Fig. 8c, d).
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A formal cluster analysis of the identified cyclones, based
on the relationship between the 200 and 800 hPa geopotential heights, also confirms that these two types of storms
belong to two distinct clusters with different physical characteristics, well separated in the modern climate (for details of
the cluster analysis see “Appendix 2”). Note that the cluster
analysis does not use the TC genesis latitude as a parameter,
focusing on the physical characteristics of the storms rather
than their locations. Next, we will investigate changes in the
simulation of TCs and their relationship to extra-tropical
storms as the meridional SST gradient weakens. The cluster
analysis will provide the total counts of the two types of
storms in the simulations (Table 1).
As we reduce the meridional SST gradient, the distribution of TCs changes in several important ways, albeit not
necessarily monotonically. Going from TM0 to TM6 reduces
the total number and intensity of TCs (Fig. 9), from 434
to 324. This occurs concurrently with a weakening and a
small equatorward shift of the ITCZ (Fig. 1b), and previous
studies have argued that an equatorward shift of the ITCZ
will cause a reduction in TC genesis frequency (Merlis et al.
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Latitude, oN

30
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2013). The Genesis Potential Index (GPI), here defined as
in Emanuel and Nolan (2004), which provides a statistical
prediction of TC genesis frequency based on climatological
mean variables, decreases in the region of active TC genesis
between 5° and 15°N, largely because of changes in relative
humidity (Fig. 10d, e). (Note that since GPI is based on an
empirical fit to modern data, hereafter it is only used as a
qualitative indicator.)
In contrast, changes in TM15 are much more dramatic.
The ITCZ weakens even more and moves closer to the
equator, significantly reducing tropical cyclogenesis on the
northern flank of the ITCZ (Figs. 2c, 6c), consistent with
the strong drop in GPI between 5° and 20°N (Fig. 10a).
However, a new region of cyclogenesis opens up within and
around the band 30°–40oN, associated with a new maximum
in GPI (Figs. 6c, 10a). This second GPI maximum largely
accounts for changes in TC activity.
The GPI increase in mid-latitudes is related to three
key factors—an increase in the potential intensity (PI) of
TCs, an increase in mid-tropospheric relative humidity,
and a decrease in vertical shear (Fig. 10b–d). TC potential
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Fig. 5  Examples of the simulated precipitation field (mm/day, a 6-h
average) for category 2 and 4 tropical cyclones. A log color scale
is used. Well defined precipitation bands and the hurricane eye are
clearly visible for the stronger storm

intensity increases because of significantly higher extratropical SSTs; indeed, the increase in PI could be seen as
resulting from an increase in relative SST1 (Vecchi and
Soden 2007; Ramsay and Sobel 2011). Another interpretation for PI increase can be in terms of the changing air–sea enthalpy disequilibrium (Emanuel and Sobel
2013). Relative humidity rises at least in part because of
weaker subsidence due to a weaker Hadley circulation
(note the anomalous ascent near 30°N in Fig. 3c). Lastly,
vertical shear is modified by changes in the structure of
atmospheric zonal flow—the weakening and splitting of
1
The dependence of PI on relative SST (local SST minus a tropical mean SST) requires horizontal temperature gradients in the freetroposphere to be weak. Although the mid-latitude region in which PI
increases lies outside the tropical domain in which weak temperature
gradient theories are strictly valid, we still expect upper-tropospheric
temperature gradients to be weaker than low-level gradients in equivalent potential temperature, so that relative SST will behave at least
qualitatively like PI.
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the northern upper tropospheric jet creates a valley of
weakened wind shear in between the subtropical and polar
jets (Figs. 4c, 10c). A reduction of vertical shear is already
noticeable in TM6, but only in TM15 does it become large
enough to cause the second maximum in GPI. These three
factors together act to enhance the GPI in mid-latitudes,
whereas changes in absolute vorticity between the simulations are fairly minor.
The jet split evident in Fig. 4 warrants some discussion.
Note that these are summer-hemisphere jets that are distinct from winter-hemisphere subtropical jets governed by
angular momentum-conserving dynamics. The jet between
20–30°N is in the summer Hadley cell and the jet between
40–50°N is in the Ferrel cell. Both jets are understood as
eddy dominated, though the lower-latitude jet would still
exist in axisymmetric models. We speculate that the jet
split is related to two opposing tendencies:
1. The poleward shift and weakening of the mid-latitude
jet associated with the expansion of the tropics and the
reduction of equator-to-pole SST gradient. The detailed
dynamics responsible for the poleward shift of jets, especially eddy-dominated jets in the summer hemisphere,
has been an active area of research (Lehmann et al.
2014; Yin 2005) and we do not study the underlying
mechanism here. However, the weakening of the eddydriven mid-latitude jet may be related to a weakening
of extratropical eddy activity; that eddy activity has
been shown to scale with the mean available potential
energy (O’Gorman 2010), which in turn decreases as
the meridional temperature gradient weakens and as the
tropospheric static stability increases.
2. Tendency of poleward propagating Rossby waves to
transport eastward momentum toward the equator,
which shifts the subtropical jet equatorward. This effect
increases in warmer climates, ultimately leading to
superrotation (e.g. Arnold et al. 2012; Caballero and
Huber 2010).
The emergence of the second region of cyclogenesis has
major consequences for the overall distribution of tropical
cyclones. While the number of weak TCs (up to category
1) is still slightly smaller in TM15 than in TM0, the number of stronger cyclones (categories 2 through 5) increases
several-fold (Figs. 7c, 9). As a result, the overall frequency
of tropical cyclones increases, albeit slightly compared to
TM0. Many of these strong TCs actually develop or reach
their maximum strength relatively far north, between 30 and
40°N, in the region of reduced vertical shear (Figs. 6c, 7c).
At the same time, the number of warm-core extra-tropical
cyclones increases greatly, by a factor of 7 or 8 (Table 1),
suggesting the growing role of moist convection in warmer
climates. Moreover, the properties of the two types of storms,
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Fig. 6  The tracks of identified warm-core cyclones in the northern
hemisphere, colored according to the storm’s Saffir–Simpson category for a TM0, b TM6, and c TM15. Each simulation lasts 20 boreal
summers and uses perpetual July SSTs as the prescribed forcing. The
locations of tracks of tropical and extra-tropical storms (TCs and

ETCs) are well separated geographically in the first two simulations,
but not in TM15. Also note the new active region of TC formation
and growth that emerged in mid-latitudes (the 30-40oN band) in the
last simulation

tropical and extra-tropical, converge, as suggested by the
overlapping of the two distributions in the pressure–velocity space and the storms’ latitudes of origin (Fig. 7c). The
convergence of the two groups is also evident from the cluster analysis (Figs. 14, 15, “Appendix 2”). Although the end
members of the two distributions still remain very distinct,
this convergence implies the appearance of a large number of
“hybrid” warm-core storms having properties of both tropical and extra-tropical cyclones. Consequently, establishing a
clear boundary between the two groups, even by means of a
formal cluster analysis, becomes problematic.

scale. To the best of our knowledge, this is the first attempt
to use cloud or cloud-system resolving models to explore
this problem. To improve the simulation of TCs and achieve
a more realistic tropical mean state we used the RAVE rescaling (Kuang et al. 2005; Boos et al. 2016), which provides
a useful alternative to convective parameterization.
We find that changes in TC activity induced by the reduction of the SST gradient are not monotonic, and may depend
on an interplay between changes in the position of the ITCZ
and changes in the extra-tropical atmospheric mean state. In
particular, the imposed SST changes lead to an equatorward
shift of the ITCZ in warmer climates (a detrimental effect for
tropical cyclogenesis), whereas the low-level extra-tropical
atmosphere becomes warmer and more humid, relative to the
mean tropical atmosphere, while experiencing a reduction
in vertical wind shear (favorable effects for cyclogenesis).
As a result, for moderate reductions in the SST gradient,
the changes in TC activity are relatively small, showing less

5 Discussion
We have conducted a suite of idealized simulations with a
cloud-system resolving model to study the effect of reduced
meridional SST gradient on tropical cyclogenesis on a global
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frequent TCs. However, further reduction of the SST gradient towards values typical of past warm, equable climates
has dramatic consequences for cyclogenesis. Specifically, the
total number of warm-core cyclones (both TCs and ETCs),
increases by more than a factor of two in our warmest simulation as compared to the modern (Table 1). The number of
stronger TCs of categories 2 through 5 increases as well.
These results are generally consistent with the findings of
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Fedorov et al. (2010) who simulated the early Pliocene climate by prescribing a strong reduction in the meridional SST
gradient (Brierley et al. 2009), but highlight the possible
emergence of a large population of hybrid storms in the most
equable climates.
How realistic is the equatorward shift of the ITCZ
simulated in our model’s warmer climates? Merlis et al.
(2013) studied the effect of climate change on tropical
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Table 1  The number of
identified warm-core cyclones
in different experiments,
including tropical (TC) and
extra-tropical (ETC)

produce results consistent with the idea that the ITCZ will
shift toward the hemisphere with the most SST warming.
The results of Ballinger et al. (2015), who used prescribed
SSTs within a ~ 50 km atmospheric GCM with parameterized convection, are also consistent with the aforementioned
idea—when they flattened the SST field in the northern low
latitudes, thus reducing SST primarily in the northern hemisphere, the ITCZ moved equatorward. A further comparison
with their results suggests that our experiments TM0 and
TM6 show a generally similar behavior as their experiments
(in terms of the preferable genesis latitude for example); our
TM15 integration, however, has a much stronger change in
the meridional SST gradient than any used by Ballinger et al.
(2015). Note however that their study considers only those
TCs that are equatorward of 25°N at their first detection,
which can introduce a significant bias to their results.
In general, numerous influences on the ITCZ position
have not been accounted for by Merlis et al. (2013), Ballinger et al. (2015), or our study. For example, the strength of
the Atlantic meridional overturning circulation (AMOC), a
major contributor to northward heat transport, is believed to
be of global importance. The weakening of the AMOC cools
the northern hemisphere relative to the southern hemisphere,
forcing a southward shift of the ITCZ (e.g. Marshall et al.

TC
ETC
Total

TM0

TM6

TM15

434
110
544

324
221
545

446
824
1270

cyclogenesis on an aqua-planet using a slab-ocean atmospheric GCM with 50 km horizontal resolution and a fixed
q-flux. In such a configuration the ITCZ moves northward
when the radiative forcing (the solar constant or CO2 concentration) is increased, leading to a monotonic increase in
TC activity. This contrasts with our approach in which we
use a prescribed SST forcing wherein the implied q-flux
will vary across the simulations. Nevertheless, one generally expects the ITCZ to move toward the hemisphere
having the largest SST increase (e.g. Chiang and Friedman
2012), consistent with the southward shift of the ITCZ in
our TM15 integration. Recent theories that quantitatively
predict ITCZ shifts are based on atmospheric energy fluxes
rather than SSTs and so are typically applied in models
with interactive SSTs (e.g. Kang et al. 2008); nevertheless
these theories successfully predict ITCZ latitude in models
with prescribed SST (e.g. Shekhar and Boos 2016) and
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Fig. 9  The distribution of tropical cyclones according to their maximum strength for simulations TM0 (black), TM6 (blue), and TM15
(red). The total TC numbers in these simulations are 434, 323 and
446, respectively. The graph highlights a significant increase in the
number of strong tropical cyclones, categories 2 through 5, in TM15

2014; Schneider et al. 2014). Anomalous ocean currents
induced by changes in atmospheric wind stress might also
influence ITCZ position (e.g. Green and Marshall 2017); for
a further discussion also see Boos and Korty (2016).
In the Pacific ocean the strong equatorial cold tongue is
a major factor that keeps the ITCZ north of the equator (Xie
and Philander 1994). A recent study suggested that on geological timescales the meridional (equator-to-pole) and zonal
(east-to-west, along the equator) SST gradients are tightly
linked in the Pacific (Fedorov et al. 2015). Consequently,
in the coupled ocean–atmosphere system a reduction in the
meridional SST gradient would induce a reduction in the
equatorial zonal gradient and hence a weakening of the cold
tongue. Many studies argued that during the warm Pliocene
epoch some 3–5 million years ago, the cold tongue was
indeed weaker (for a recent discussion see Fedorov et al.
2013, 2015; Manucharyan and Fedorov 2014; Ravelo et al.
2014), implying a more southerly position of the ITCZ
(Burls and Fedorov 2014).
While our simulations are idealized, several aspects of
the results may have implications for future changes in TC
activity. For example, we find that the transition to warmer
climates opens up a new zone of cyclogenesis in the extratropics, driven by a significant reduction in wind shear and
an increase in maximum potential intensity and relative
humidity. The latter factors imply a stronger role for moist
convection in extra-tropical storms, which manifests in our
simulations as the merging of the distributions of tropical
and warm-core extra-tropical cyclones and the emergence of
a large number of hybrid cyclones sharing the properties of
both. Such hybridization is relatively rare in the modern climate, with Hurricane Sandy being perhaps the most famous
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example (Blake et al. 2013). A shift of tropical cyclogenesis
towards mid-latitudes in very warm climates has been also
noted by Korty et al. (2017) who used a statistical downscaling approach with greenhouse-warming GCM simulations.
A modest poleward migration of the location of tropical
cyclone maximum intensity, plausibly linked to the ongoing tropical expansion due to anthropogenic global warming,
has been also observed (Kossin et al. 2014).
There are a number of limitations to our study. For example, we use prescribed SST, which does not allow TCs to
influence the state of the upper ocean. We actually began
our simulations using interactive SST, but the increased
computational demand associated with achieving a steady
SST distribution prevented completion of these simulations.
Consequently, we chose the simplest model set-up to address
the two main goals of the study—to test the RAVE approach
and to study gross changes in TC activity in warmer climates
within a cloud-system resolving model. In the future, we
will add a slab-ocean to the model. We expect that interactions between cloud-radiative processes, SST, and ITCZ
location may increase the complexity of the response (Kang
et al. 2008). Another important effect of ocean coupling on
TC intensity is the wind-induced diapycnal mixing, which
would require representation of entrainment of thermocline
water into the ocean mixed layer (i.e. going beyond a simple
slab-ocean model), which may reduce the intensity of some
of the strongest cyclones, but should not affect the results
on the whole.
Furthermore, to isolate the effect of the meridional SST
gradient we keep the maximum SST fixed, even though it
can change, albeit not as fast as extra-tropical SSTs (Ravelo
et al. 2014; Fedorov et al. 2015; Huber and Caballero 2011).
Also, we do not consider zonal differences or differences
between ocean basins. To some extent, going from simulation TM0 to TM6 could be considered as switching from the
Northeast Pacific, where SSTs are colder and where tropical
and extra-tropical cyclones are well separated by genesis
latitude, to the Northwest Pacific or North Atlantic where
warmer extra-tropical SSTs typically allow tropical cyclones
to propagate much farther north (as in Fig. 6b).
For computations we use a relatively coarse horizontal
resolution (15 km) in combination with the RAVE rescaling
(γ = 15). Using a resolution of 1–2 km in a cloud-resolving
model would eliminate the necessity to use RAVE (Boos
et al. 2016), but such simulations on a global scale are currently beyond our computational capabilities.
Despite these limitations, several major results of this
study appear to be robust, in that they consist of high
amplitude simulated changes with straightforward physical
explanations. For sufficiently large reductions in meridional SST gradient these include the increase in the number
of strong cyclones, the establishment of a new TC genesis
region in mid-latitudes, and the hybridization of tropical
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Fig. 10  The Genesis Potential
Index (GPI) and its main components as a function of latitude
for simulations TM0 (black),
TM6 (blue), and TM15 (red).
a GPI; b potential intensity, PI
(m s−1); c vertical shear defined
as difference in wind speed
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(2004) we define GPI as
3∕2
GPI = ||105 𝜂 || (H∕50)3 (PI∕70)3
−2
(1 + 0.1V)

20

(a) GPI
TM0
TM6
TM15

10
0

0

100

10

20

30

40

50

60

70

10

20

30

40

50

60

70

20

30

40

50

60

70

20

30

40

50

60

70

30

40

50

60

70

(b) PI

50
0

0

20

(c) VSHEAR

0
−20
−40
0
80

10

(d) RH700

60
40
20
0
15

10

(e) Absolute Vorticity850

10
5
0

0

10

20

Latitude, N
O

and extra-tropical storms. These effects should become
even more pronounced if the ITCZ were to shift northward
in conjunction with the reduction in SST gradient. Future
studies will need to revisit this issue and also include the
effects of interactive SST.

(AGS-0163807), and NOAA (NA14OAR4310277). WRB was supported by Office of Naval Research award N000141512531. JS was
supported by the Russian Foundation for Basic Research (grant #1705-00509) and the Russian Science Foundation (grant #14-50-00095).
Support from the Yale University Faculty of Arts and Sciences High
Performance Computing facility is acknowledged.

Acknowledgements We thank two anonymous reviewers for their constructive comments on the paper. Financial support was provided by
grants to AVF from the David and Lucile Packard Foundation, NSF

13

A. V. Fedorov et al.

Appendix 1: RAVE rescaling
To improve the simulation of tropical cyclogenesis, and also
to achieve a mean tropical state more closely resembling
observations, we use the Reduced Acceleration in the Vertical (RAVE) rescaling, which reduces the vertical velocities and increases the horizontal length scales of convective
motions, in effect making them closer in size to those of the
unaltered large-scale, nearly hydrostatic flow (e.g. Kuang
et al. 2005; Pauluis and Garner 2006; Garner et al. 2007;
Boos et al. 2016). RAVE is also referred to as the hypohydrostatic rescaling because it increases the inertia of vertical
motion, and is implemented by multiplying the acceleration
term in the vertical momentum equation by a factor γ > 1:

𝛾2

Dw
1 𝜕p
=−
− g + Fz
Dt
𝜌 𝜕z
Here, Dw
is the material derivative of vertical velocity,
Dt
the acceleration due to the vertical pressure gradient,

− 𝜌1 𝜕p
𝜕z

g the acceleration due to gravity, Fz the acceleration due to
vertical diffusion, and γ is the RAVE factor. Choosing γ = 1
corresponds to the standard vertical momentum equation (no
rescaling), while γ = 0 corresponds to the hydrostatic
approximation.
The RAVE rescaling is mathematically equivalent to the
Diabatic Acceleration and Rescaling (DARE), in which
the planetary rotation rate and diabatic processes, such as
radiative fluxes and surface enthalpy fluxes, are increased
by the factor γ, while the planetary radius is decreased by
γ. The DARE approach shrinks the time and space scales of
the large-scale dynamics (e.g. the Rossby radius of deformation), bringing them closer to the scales of convective
motions. Another related approach is known as the Deep
Earth rescaling, in which the gravitational acceleration is
decreased and the vertical coordinate is increased in scale by
γ (Pauluis and Garner 2006). The same modification of the
equations of motion was also used years earlier in numerical
weather prediction in so-called quasi-nonhydrostatic models (Browning and Kreiss 1986; MacDonald et al. 2000).
Although all of these treatments are mathematically identical, RAVE has the simplest physical interpretation and can
be easily implemented in numerical models.
Kuang et al. (2005) conducted RAVE simulations of the
atmospheric circulation on an equatorial β-plane with an
ocean mixed-layer lower boundary, with emphasis on convectively coupled equatorial waves. Garner et al. (2007)
conducted global aqua-planet simulations with large RAVE
factors (γ ≥ 100) and found that the extra-tropical circulation
was largely unaltered by such extreme rescaling; they noted
that use of RAVE with γ ≈ 3 and horizontal resolutions on
the order of 10 km may provide a promising alternative to
convective parameterization. Ma et al. (2014) produced a
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remarkably accurate climatology of South Asian monsoon
precipitation using RAVE in a global model (on a sphere)
without convection parameterization, with a horizontal resolution of 40 km and γ = 10. Boos and Kuang (2010) used
RAVE on an equatorial β-plane to examine the mechanisms
involved in tropical intraseasonal variability in a model with
horizontal resolution of about 30 km and γ ≈ 15.
Realistic simulation of TCs typically requires model horizontal resolution on the order of 1 km in models without
convective parameterization. Recently, Boos et al. (2016)
studied convective self-aggregation and tropical cyclogenesis in doubly-periodic domains on an f-plane and showed
that the RAVE approach could improve simulation of TCs in
cloud-system resolving models with relatively coarse resolutions, on the order of 10 km. For the simulation of TCs,
RAVE thus provides an attractive alternative to convective
parameterization at resolutions in the so-called “gray zone”.
The conclusions of Boos et al. (2016) contradicted the
earlier work of Pauluis and Garner (2006), who argued that
RAVE worsened the dry bias in coarse resolution models;
however, the authors of that earlier study did not consider
that, since they were increasing their domain size as horizontal resolution was coarsened, convective self-aggregation and an associated domain-mean drying would occur at
the coarser resolutions (e.g. Bretherton et al. 2005; Muller
and Held 2012). Boos et al. (2016) showed that instead of
increasing the humidity bias, RAVE actually reduces a dry
bias caused by use of coarse resolution in simulations of
radiative-convective equilibrium.
The present study builds on the results of Boos et al.
(2016) but goes one step further and simulates both the
atmospheric general circulation and tropical cyclogenesis on
a global scale. Throughout the integrations described in the
main text we used γ = 15, which, given the explicit grid spacing of 15 km, provides an “equivalent” rescaled horizontal
resolution of 1 km (e.g. Pauluis and Garner 2006). Use of
γ = 15 allowed our control integration (TM0) to produce a
somewhat realistic representation of the modern zonal mean
tropical climate state and tropical cyclones up to category 5.
Here, we describe the differences between several simulations for our idealization of modern climate, using the same
boundary conditions as in TM0, but increasing the value of
γ from 1 to 5 and then to 15.
Without RAVE or with small RAVE factors the simulations exhibit a “double-ITCZ” problem—the ITCZ splits
into two convergence zones, with the stronger one located
on the southern flank of the SST maximum (Fig. 11b). This
feature is not unlike the much discussed double-ITCZ problem in GCM simulations that produce two local maxima in
precipitation in the eastern Pacific on opposite sides of the
equator (e.g. Li and Xie 2014). For γ = 1, the stronger ITCZ
sits 0.5° south of the equator, and is geographically wellseparated from most tropical cyclogenesis events (Fig. 12a,
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the ITCZ moves to a more northerly position, several degrees of latitude away from the equator, for higher RAVE numbers

b). A second, weaker convergence zone is located as far
north as 20°N. As we increase γ to 5, the stronger ITCZ
moves north of the equator while the secondary convergence
zone weakens and shifts southward. Only for γ = 15 does the
model simulate a single ITCZ, roughly at 5°N, not too far
from the observed mean ITCZ position in the central Pacific
in July (e.g. Schneider et al. 2014).
Why does using RAVE shift the ITCZ with respect to
the SST maximum? This is a difficult question as it requires
understanding the mechanisms that set the latitude of the
ITCZ, given the SST distribution, and those mechanisms
are not well understood (e.g. Back and Bretherton 2009;
Schneider et al. 2014; Faulk et al. 2017). Boos et al. (2016)
argued that RAVE increases the free-tropospheric humidity
of the environment surrounding aggregated convection, and
there is indeed an increase in precipitable water near and just
north of the ITCZ, which is a type of aggregated convection, as γ is increased (Fig. 11c). Perhaps this increase in

precipitable water allows convection near the SST maximum
to be less inhibited by the entrainment of dry air, so that the
ITCZ latitude is controlled more by thermodynamics (e.g.
the latitude of maximum CAPE) than by boundary layer
dynamics (e.g. Pauluis 2004). Other studies have shown that
ITCZ latitude simulated in a GCM can be greatly influenced
by the amount of entrainment required to occur in parameterized deep convection (Kang et al. 2008); although that
sensitivity was demonstrated to be mediated by cloud radiative effects in a model with interactive SST, our results show
that ITCZ latitude can be greatly influenced by the details of
moist convection even when SST is prescribed.
Unsurprisingly, increasing γ to 15 also affects tropical
cyclogenesis. In particular, as γ is increased from 1 to 15, the
number of tropical cyclones increases by roughly a factor of
two, with the frequency of strong cyclones also increasing
(Fig. 13). This increase in TC activity for sufficiently high
RAVE numbers might occur because of three main factors.
The first is the ITCZ shift to its northerly position where it
can play a more active role in cyclogenesis (e.g. Merlis et al.
2013; Figs. 11, 12). The second is the general moistening
of the environment around tropical cyclones (Figs. 12, 11),
especially in the region of active cyclogenesis, consistent
with the argument of Boos et al. (2016). The third factor is a
better representation of the core of the cyclones, specifically
the hurricane eye and eyewall, and more coherent convective
bands (Fig. 12).

Appendix 2: Tracking algorithm and cyclone
clustering
To track warm-core cyclones we follow the algorithm of
Scoccimarro et al. (2011), closely related to that of Walsh
et al. (2007). We first identify all cyclonic vortices above a
given vorticity threshold at 850 hPa. Then we find the sea
level pressure (SLP) minimum within a 350 km radius of the
vorticity maximum. This location is now a candidate for a
cyclone, which we subject to several key tests:
Test 1	Vorticity maximum at 850 hPa is above the threshold ηmin.
	Here we use ηmin = 10−5s−1.
Test 2	SLP minimum is 2 hPa lower than SLP averaged within a 350 km radius from the vorticity
maximum.
Test 3	Surface wind speed maximum is greater than
15.5 ms−1 (within a 350 km radius).
Test 4	Average wind speed over inner 50 km is greater at
850 hPa than at 300 hPa
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Test 5	The cyclone has a warm core. That is, the temperature anomaly, in the location of the maximum vorticity, estimated as T′ = T′300 hPa + T′500 hPa +T′700 hPa,
is positive and T′ > 1 °C
Test 6	The core temperature is warmer than temperature
averaged within a 350 km radius from the vorticity
maximum
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Finally, to obtain the cyclone tracks we connect locations of each vortex at different time steps separated by 6 h,
as long as the vortex has persisted for a minimum of 24 h
and its center has not moved more than 350 km in 6 h. The
cyclone tracks shown in Fig. 6 are obtained through this
procedure. For the distributions shown in Figs. 7 and 13 we
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Fig. 13  Scatterplots of maximum surface wind speed (m/s)
versus minimum central surface
pressure (hPa) for warm-core
cyclones in perpetual July simulations using different RAVE
numbers: a γ = 1, b γ = 5, and
c γ = 15. Each point is colored
according to the cyclone’s genesis latitude; the Saffir–Simpson
categories are also shown. Note
the significant increase in the
number of tropical cyclones,
including strong storms, for
γ = 15. The numbers at the top
of each panel refer to the total
number of tropical (TC) and
extra-tropical (ETC) cyclones in
the simulations. The bottom
panel is identical to Fig. 7a.
Each simulation lasts 20 boreal
summers
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pick up the strongest values of surface wind speed along the
tracks and the corresponding values of SLP.
To further investigate how the distributions of tropical
and warm-core extra-tropical cyclones change with SST

gradient we use a formal clustering technique to separate
storms of different origin according to their physical characteristics. In particular, separation based on the 200 and
800 hPa geopotential heights works especially well for
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(a)

(a)

(b)

(b)
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Fig. 14  Scatterplots of simulated warm-core cyclones in terms of 200
and 800 hPa geopotential heights in different simulations: a TM0, b
TM6, and c TM15. Two distinct clusters of storms are identified—
Tropical (red) and Extra-tropical (blue-green). These two clusters
merge in the TM15 simulation. Even though the clustering analysis
draws a boundary between the two clusters in the last simulation, the
properties of storms change gradually across this boundary

Fig. 15  The same two clusters as in Fig. 14, Tropical (red) and Extratropical (blue–green), but shown in terms of core temperature anomaly and genesis latitude for a TM0, b TM6, and c TM15. The plot
further illustrates that the two clusters in TM15 overlap as tropical
cyclones can develop much farther north in this simulation

the modern climate since ETCs are typically too shallow
to produce large fractional changes in upper tropospheric
heights (Fig. 14). The computation of the clusters follows Studholme et al. (2015) and uses the k-means algorithm (e.g. Lloyd 1982, here k = 2). It involves grouping
cyclones into k clusters by minimizing the sum of squares
of Euclidean distances to each cluster’s centroid within the
200 and 800 hPa geopotential height phase space for all
identified warm-core cyclones.
Reducing the meridional SST gradient acts to reduce
the “distance” between the clusters in the TM6 simulation and eventually to merge the two clusters in TM15
(Fig. 14c). In terms of core temperature anomalies, extratropical cyclones are typically a little colder than tropical cyclones, as they originate farther north (Fig. 15).
Nevertheless, where the two distributions overlap in midlatitudes in TM15, their properties become quite similar.
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